The last 20 years has seen a dramatic improvement in the quantity and quality of geodetic measurements of the earthquake loading cycle. In this paper we compile and review these observations and test whether crustal thickness exerts any control. We found 78 earthquake source mechanisms for continental earthquakes derived from satellite geodesy, 187 estimates of interseismic "locking depth", and 23 earthquakes (or sequences) for which postseismic deformation has been observed. Globally we estimate seismogenic thickness to be 14 ± 5 and 14 ± 7 km from coseismic and interseismic observations respectively. We find that there is no global relationship between Moho depth and the seismogenic layer thickness determined geodetically. We also found no clear global relationship between seismogenic thickness and proxies for the temperature structure of the crust. This suggests that the effect of temperature, so clear in oceanic lithosphere, is masked in the continents by considerable variation in lithology, strain-rate, and/or grain size. Elastic thicknesses from Bouguer gravity are systematically larger than the geodetic seismogenic thicknesses but there is no correlation between them. By contrast, elastic thicknesses from free-air methods are typically smaller than the geodetic estimates of seismogenic layer thickness. Postseismic observations show considerable regional variations, but most long-term studies of large earthquakes infer viscoelastic relaxation in the lower crust and/or upper mantle with relaxation times of a few months to a few hundred years. These are in apparent contradiction with the higher estimates of elastic thickness. Our analysis of the geodetic data therefore supports the "crème brûlée" model, in which the strength of the continental lithosphere is predominantly in the upper seismogenic layer. However, the distribution of geodetic observations is biased towards weaker areas, and faults can also modify the local rheology. Postseismic results could therefore be sampling weak regions within an otherwise strong crust or mantle.
Introduction
The earthquake deformation cycle is typically divided into three phases: The deformation that occurs during an earthquake is referred to as coseismic; it is followed by a period of transient postseismic deformation, which eventually decays to a steady-state background interseismic deformation (e.g. Thatcher and Rundle, 1979) . Recent advances in satellite geodesy, and in particular the rapid uptake of interferometric synthetic aperture radar (InSAR), have led to a dramatic increase in the quantity and quality of deformation measurements of the earthquake cycle (e.g. Bürgmann and Dresen, 2008; Weston et al., 2012; Wright, 2002) .
Owing to the long inter-event time in many fault zones, typically hundreds to thousands of years, we do not have deformation observations with modern instruments spanning a complete earthquake cycle for any single fault. Nevertheless, by looking globally we can observe deformation around faults at different stages of the cycle. InSAR is particularly suitable for measuring the large and rapid coseismic displacements associated with continental earthquakes, but has also been valuable in constraining postseismic and interseismic deformation in several cases, particularly for remote faults with minimal ground-based observations. At the same time, thousands of Global Positioning System (GPS) measurements have been made in active fault zones (e.g. Kreemer et al., 2003) . These have been particularly valuable for examining the slower, longer-wavelength deformation associated with the interseismic and postseismic phases of the earthquake cycle.
In the past decade, the strength of continental lithosphere has been the cause for considerable controversy (e.g. Bürgmann and Dresen, 2008; Burov, 2010; Burov and Watts, 2006; Jackson, 2002; Jackson et al., 2008) . The debate has focused on whether strength resides in a single layer in the upper crust (the "crème brûlée" model) or whether the upper mantle is also strong (the "jelly sandwich" model). Most earthquakes occur in the upper crust; coseismic deformation can be used to infer the depth range of faulting and hence the thickness of the seismogenic layer. During the interseismic and postseismic periods, deformation occurs in the lower crust and mantle. We can infer the seismogenic thickness from simple elastic models of the interseismic period; the rates, location and mechanisms of postseismic deformation can be used to place bounds on the strength of the lower crust and upper mantle.
In this paper, we compile observations of earthquake cycle deformation from the published literature made in tectonic areas across the planet, and extract key parameters. In particular we examine the thickness of the upper crustal layer that slips in earthquakes but is locked in the interseismic period, and examine the depth ranges and timescales over which postseismic relaxation has been inferred to occur. We test whether these parameters are related to estimates of Moho depth, elastic thickness, and geothermal gradient, estimated independently. Finally, we discuss the implications for the strength of continental lithosphere.
Seismogenic thickness constraints from coseismic deformation
During coseismic deformation, the passage of seismic waves through the entire crust and mantle is testament to their elastic behaviour on short time-scales. On longer timescales, elastic stresses are relaxed through temperature-dependent ductile processes such as viscous relaxation (e.g. Pollitz, 1992; Rundle and Jackson, 1977) and aseismic afterslip (e.g. Perfettini and Avouac, 2004; Scholz and Bilham, 1991) . These processes restrict the vast majority of continental earthquakes to the brittle upper crust. The thickness of this seismogenic layer (T s ) has previously been estimated by examining earthquake centroid depths (e.g. Jackson et al., 2008; Maggi et al., 2000) determined by inversions of seismic waves that assume a point source for the earthquake. Geodetic methods allow for additional information about the depth distribution of slip in earthquakes. For small events, most studies assume uniform slip on a rectangular dislocation (Okada, 1985) . For larger events, detailed slip distributions are often resolved. In most of these cases, information about the maximum depth extent of slip in the earthquake can be retrieved. Although there are fewer geodetic earthquake solutions than seismic sources, the depth range over which seismic slip occurs is arguably more robust.
We have updated the list of 58 continental earthquakes (Mw ≳ 5.5) studied with InSAR from Weston et al. (2011 Weston et al. ( , 2012 , with 20 further earthquakes, to give a database of 78 events (Fig. 1a) . The list is spread slightly unevenly across strike-slip (Table 1) , normal (Table 2 ) and reverse (Table 3) faulting mechanisms, with 32, 21 and 25 events respectively. For each earthquake we extract the bottom depth of faulting in the published geodetic model.
The majority of studies involve models in which slip is permitted to occur over a distributed region of sub-fault patches. A limitation of surface geodetic data is that the resolution of slip decreases with depth (e.g. Atzori and Antonioli, 2011; Funning et al., 2005b) and that, consequently, small deep earthquakes are difficult to record. However, of the 78 continental earthquakes so far measured, the depth extent of faulting is clustered in the depth range 5-25 km, and slip much deeper than this has been shown to be recoverable for subduction events (e.g. Pritchard et al., 2002) . The spread of InSAR bottom depths of faulting is normally distributed with a mean of 14 km and a standard deviation of 5 km (Fig. 2 inset) . The depth distribution of smaller events, which are unlikely to have ruptured the entire width of the seismogenic crust, is biased towards the shallower range of depths in our database as they are difficult to detect geodetically if they occur in the mid-lower crust.
We compare the depth estimates of faulting from InSAR with seismic source models (Tables 1-3; Fig. 2 ), where available (86% of events examined here). To ensure the seismic solutions are robust and reliable, we only use centroid depths from point-source body-wave modelling (typically for smaller events) and distributed slip source models from body-wave/strong motion (for the larger events). For the larger events, we take the bottom depth of faulting in the slip model presented by the authors in each paper, as was done for the InSAR solutions. For the earthquakes with distributed seismic solutions, (circles in Fig. 2 ), there is a one-to-one correlation between the two estimates of bottom depth, with a small bias of 2-3 km towards deeper seismological slip when compared to the bottom depth from InSAR. This slight discrepancy may arise from the poorer depth resolution in the seismological solutions, or be because the InSAR models (which typically use homogeneous elastic half-spaces) bias the slip slightly shallower compared to the layered velocity models typically used in the seismology inversions. When the InSAR depths are compared to the seismological centroid depths (squares in Fig. 2) , the relationship follows a two-to-one ratio, as would be expected if the slip was symmetrically distributed about the centroid in depth and approached the surface.
We compare the geodetically-determined bottom depth of rupture given in Tables 1-3 to the crustal thickness from Crust 2.0 (Bassin et al., 2000) , for each type of fault mechanism (Fig. 3) . The maximum depth of slip for the earthquakes with geodetic solutions is mostly in the range of 5-25 km, and occurs in regions with crustal thickness in the range of 10-75 km. There is a large spread in the data, but we find no systematic relationship between a deeper Moho and the depth extent of faulting.
Seismogenic thickness constraints from interseismic deformation
Simple geodynamic models of the entire earthquake cycle, with an elastic lid overlying a viscoelastic (Maxwell) substrate, suggest that the observed deformation is a function of time since the last earthquake (e.g. Savage, 1990; Savage and Prescott, 1978) . Observations of focused strain late in the earthquake cycle around many major fault structures and rapid postseismic transients cannot be explained by these simple models -the former requires a high viscosity in the substrate and the latter a low viscosity (e.g. Hetland and Hager, 2006; Takeuchi and Fialko, 2012 ).
The observational data have led to the development of a new generation of earthquake cycle models that are able to predict focused interseismic deformation alongside rapid postseismic deformation (Hetland and Hager, 2006; Johnson et al., 2007; Takeuchi and Fialko, 2012; Vaghri and Hearn, 2012; Yamasaki et al., 2013) . These studies suggest that, although the velocities do change throughout the cycle, they are reasonably steady after the initial postseismic transient deformation has decayed. The models partially explain the ubiquity of the classic elastic dislocation model (Savage and Burford, 1973) , in which interseismic deformation around strike-slip faults is modelled as steady creep on a narrow, infinitely-long and deep vertical fault in an elastic half space beneath a locked lid (the other significant factor is its simplicity).
We take a pragmatic approach to interseismic deformation, and have searched for all examples that have been modelled either using the simple deep dislocation formulation or an equivalent elastic block model approach. This allows us to examine spatial variations in the 'locking depth' parameter in a consistent manner, even if the model is undoubtedly an oversimplification.
We found 187 estimates of interseismic locking depth in~100 publications (Table 4 ; Fig. 1 ). Of these, 131 were determined as free parameters in inversions of the geodetic data. Regional variations do exist, with locking depths in Iceland being 7 ± 4 km, compared with 20 ± 6 km in the Himalayas, for example. However, in general the values are remarkably consistent, normally distributed with a global mean of 14 ± 7 km (Fig. 4) . This is remarkably similar to the global distribution found for the coseismic bottom depths (Fig. 2) , with the same mean at 14 km. As was the case for earthquake depths, we find no systematic global relationship between locking depth and crustal thickness (Fig. 4) .
Regional variations in seismogenic thickness
To search for any systematic variations in seismogenic thickness, we examine the distribution of coseismic slip and interseismic locking depths in four continental areas for which we have a sufficient number of geodetic results: Iran, the Mediterranean, Tibet and the Western US (Fig. 5) .
For Iran, the 11 earthquakes so far studied are constrained to be shallower than 20 km and match the interseismic locking depths except for two deep outliers (Fig. 5) . The results indicate a large aseismic lower crust above the Moho, which is at a depth of 40-45 km.
The Mediterranean region, which we define broadly to include 16 earthquakes in Turkey, Greece, Italy and Algeria, has depths of faulting Bassin et al., 2000) , linearly interpolated to one degree spacing. Coloured stars indicate the bottom depth of faulting from coseismic studies (Tables 1-3) . Locations of interseismic studies listed in Table 4 are coloured by depth and denoted by triangles (fixed locking depths) and circles (estimated locking depths).
and locking down to 20-25 km, and a relatively narrow aseismic lower crust above a Moho at 30-40 km (Fig. 5) . The 16 earthquakes with geodetic solutions in Tibet are largely in the upper 25 km of crust, with one event deeper at 31 km (Sichuan), and the interseismic locking depths, reviewed in depth in Searle et al. (2011) , cover the same range (Fig. 5) . However, the Moho for this region is much deeper at 50-70 km, leaving a much thicker aseismic lower crust.
Finally, the Western US has a narrower seismogenic layer of 16 km based upon the 9 earthquakes studied in this small region, and similar interseismic locking depths, estimated from extensive geodetic analyses (Fig. 5) . The crust is 30-35 km thick, suggesting the aseismic lower crust is~15-20 km thick.
Our seismogenic layer thicknesses for these regions are similar to those of Maggi et al. (2000) , who used seismological constrained centroid depths. Maggi et al. (2000) also had sufficient earthquakes in Africa, the Tien Shan and North India to establish that seismogenic layer thicknesses are larger in these regions. We could not find enough geodetic studies in these regions to independently verify this result. Table 1 Compilation of continental strike-slip earthquakes studied with InSAR, updated from Weston et al. (2011 Weston et al. ( , 2012 The consistency between interseismic locking depths and the depth ranges of coseismic slip release (Fig. 5 ), which both peak at around 10-20 km for the regions where we have sufficient data, implies that it is reasonable to estimate earthquake potential using interseismic geodetic measurements. The geodetic data therefore confirm that, for the regions where most continental earthquakes occur, the upper half of the crust is largely seismic and able to accumulate stress elastically over the earthquake cycle. Deformation occurs aseismically and continuously in the lower crust.
Rheological constraints from postseismic deformation
A period of accelerated deformation is observed after many large earthquakes, in which instantaneous deformation rates are higher than those observed before the earthquake. Several mechanisms are likely occurring during this postseismic phase of the earthquake deformation cycle. Over short time scales (up to a few months), the re-equilibration of ground water levels causes a poroelastic effect (e.g. Fialko, 2004a; Jónsson et al., 2003) . On longer time scales, aseismic creep on the fault plane (afterslip) and viscoelastic relaxation (VER) of the lower crust and mantle are the most significant processes.
The postseismic phase of the earthquake cycle is probably the least well observed; we found only 49 studies in the literature in which postseismic observations have been made for at least two months after the event for continental earthquakes. These studies analysed GPS and/ or InSAR data from only 19 individual earthquakes and four groups of earthquakes. Furthermore, the lack of consensus on the appropriate methods for modelling postseismic deformation makes it hard to make a systematic comparison between the studies.
Most studies of postseismic deformation after large (Mw ≳ 7) earthquakes infer afterslip or viscoelastic relaxation as a deep process occurring beneath an upper layer that is modelled as a purely elastic layer. In some cases the thickness of this elastic lid is held fixed at the depth of earthquake rupture. In other studies, the elastic lid thickness is allowed to vary as a free parameter. Studies that invoke afterslip split into two camps: some carry out simple kinematic inversions to find the distribution of slip on an extended fault plane that matches the postseismic geodetic observations (e.g. Bürgmann et al., 2002) ; more rarely, others calculate a prediction for the amount of afterslip expected based on an assumed friction law for the fault plane (e.g. Hearn et al., 2002; Johnson et al., 2009) .
Even investigations that agree that viscoelastic deformation is the dominant process occurring at depth have no consensus as to the appropriate rheology to ascribe to the viscoelastic material. Simple linear Maxwell rheologies are often used in the first instance, but these are typically unable to explain both 'early' and 'late' postseismic deformation (definitions left deliberately vague): fitting the early part of the postseismic relaxation period usually requires a lower viscosity than fitting the later part (e.g. Freed and Bürgmann, 2004; Pollitz, 2003; Ryder et al., 2007) . Freed and Bürgmann (2004) showed that a non- Tables 1-3 and seismological depths from centroid estimates (squares) or bottom of distributed sources (circles). Events are coloured by mechanism: reverse (red), strike-slip (black) and normal faulting (blue). Open symbols denoted M w b 6.5, filled Mw N 6.5. The black line is the linear regression of the InSAR depths against the seismological bottom estimates, whilst the grey line is for the seismological centroid estimates. Inset figure shows the distribution of 78 InSAR derived bottom fault depths.
linear power-law rheology (in which strain rate is proportional to (stress) n ) could fit both early and late postseismic deformation observed by GPS after the 1992 Landers and 1999 Hector Mine earthquakes, with n = 3.5. For such models to be correct, the stress change during the earthquake must dominate over the background levels of stress in the crust. Alternatively, Pollitz (2003) and others have often applied a Burgers body rheology to explain postseismic deformation. This linear rheology has two effective viscosities, which allow it to relax rapidly in the early period of postseismic relaxation and more slowly later on. Riva and Govers (2009) and Yamasaki and Houseman (2012) point out that the expected temperature structure in the lower crust and mantle can result in multiple effective viscosities for the relaxing layers -colder shallower layers relax more slowly than deeper, hot layers. Therefore, power-law or Burgers rheologies may not be required by the observations, as has previously been argued.
Yet a further complication arises because most of these models assume laterally homogeneous (layered) structures. Geological evidence suggests that shear zones develop under major crustal faults due to processes including shear heating (e.g. Thatcher and England, 1998) and grain size reduction (Bürgmann and Dresen, 2008, and references therein) . Shear zones may cause lateral variations in viscosity that can also explain the geodetic observations of multiple relaxation times (Takeuchi and Fialko, 2012; Vaghri and Hearn, 2012; Yamasaki et al., 2013) .
The magnitude of the earthquake being studied and the duration of observation are important factors to consider when interpreting models of postseismic deformation. Other things being equal, small earthquakes will excite less viscous flow than larger earthquakes. One might therefore expect to have to make observations over a longer time period in order to see evidence at the surface for viscoelastic relaxation at depth. By a similar line of reasoning, viscous flow will be excited in deep viscoelastic layers to a lesser extent than in shallow viscoelastic layers, and very large earthquakes may be required to excite motions in deep layers.
Again, one would expect to have to observe for longer to detect a viscous flow signal. In summary, when it comes to inferring evidence for viscoelastic relaxation, the observational odds are stacked against smallmagnitude earthquakes embedded in the top of a thick elastic upper layer. The optimum case for observing viscoelastic relaxation is a large earthquake occurring in a thin elastic layer.
Despite the various difficulties discussed above, we argue that there is some value in attempting to compile and compare observations of postseismic deformation globally. In Fig. 6 , we summarise the results of studies that collectively model postseismic geodetic data for 19 continental earthquakes (including two earthquake sequences), plus a handful of groups of earthquakes, some of which occurred many decades ago. We are primarily interested in the depth ranges, or lithospheric layers (lower crust, upper mantle), in which different postseismic relaxation processes occur, since this gives valuable insight into the strength profile of the crust and upper mantle over the month to decadal time scale. The range of earthquake magnitudes is 5.6 to 7.9, and all case studies use data covering at least two months following the earthquake. The majority of these investigations have modelled viscoelastic relaxation (VER) and/or afterslip. The studies that only model a single process, rather than testing for both processes, are indicated in the figure by asterisks. A few studies also model poroelastic rebound.
The compilation of postseismic case studies highlights a number of key points. Firstly, even accounting for the large range of earthquake magnitudes and observation periods, there is considerable variation in inferred rheological structure between different regions around the globe (Fig. 6) . Afterslip is inferred to occur anywhere from the very top of the crust right down to the upper mantle in a few cases, though some authors acknowledge that this very deep apparent afterslip may in fact be a proxy for VER. VER is inferred to occur in the lower crust in some cases (e.g. Bruhat et al., 2011; Riva et al., 2007; Ryder et al., 2007 Ryder et al., , 2011 Tables 1-3 and Crust 2.0 thickness (Bassin et al., 2000) for reverse (red), strike-slip (black), normal faulting (blue) and all events combined (grey), scaled by magnitude (M w 5.5-7.8). Johnson et al., 2009; Pollitz et al., 2012) , and sometimes in both (e.g. Hearn et al., 2009; Vergnolle et al., 2003; Wang et al., 2009b) . We note, however, that even if the spatial pattern of the data clearly indicates viscoelastic relaxation, actual viscosity values for a particular layer are commonly poorly-resolved by the data, which leads to some uncertainty in how VER varies with depth. This issue of resolution for postseismic data has been explored in detail by . In Fig. 6 , the dashed yellow lines indicate depth ranges where (a) viscosities are poorly-constrained, and/or (b) viscosities are several times higher than in the other layer. Both cases go under the label of "possible VER", as opposed to "dominant VER" (solid yellow lines).
Since different studies use different data sets with different resolving capabilities, it is important to consider the interpretations for a particular earthquake or region in aggregate. In some regions there is a clear signature of viscoelastic relaxation in the upper mantle. In the Basin and Range province, mantle VER has been clearly inferred in five separate studies of individual earthquakes (Hector Mine 1997 (Pollitz, 2003 ; Hebgen Lake 1959 (Reilinger 1986 , Nishimura & Thatcher, 2003 and Landers 1992 (Pollitz et al., 2000 , Fialko 2004a ), as well as for groups of historic earthquakes that occurred in the Central Nevada Seismic Belt. The four Basin and Range studies that infer only afterslip/poroelastic mechanisms (no VER) did not attempt to model VER (Massonnet et al., 1996b; Peltzer et al., 1998; Perfettini and Avouac, 2007; Savage and Svarc, 1997) . A fifth study (Fialko, 2004a) does not model VER explicitly, but as a comment on far-field residuals resulting from afterslip-only modelling, mentions that mantle VER may also have occurred. Only one paper concludes VER in the lower crust (Deng et al., 1998) , but Pollitz et al. (2000) and Pollitz (2003) suggest that VER may have occurred in the lower crust as well as the upper mantle, with viscosities at least a factor of two higher in the lower crust. The other earthquake that seems to offer clear evidence for upper mantle VER is the 2002 Denali earthquake in Alaska. The four studies of this event all infer VER in the mantle, with no flow in the lower crust (e.g. Biggs et al., 2009; Freed et al., 2006; Johnson et al., 2009; Pollitz, 2005) . Of those, the three studies that also model afterslip conclude that afterslip in the lower crust accompanied mantle VER. For the 1999 Izmit earthquake on the North Anatolian Fault, short timescale (a few months) observations lead to conclusions of afterslip only Hearn et al., 2002; Reilinger et al., 2000) , but longer time-scale (a few years) observations lead to inferences of VER in the lower crust and upper mantle Wang et al., 2009b) . For two M w 6.5 earthquakes in Iceland in 2002, Jónsson (2008) infers from four years of geodetic data that VER took place in the upper mantle, although initial data only revealed poroelastic rebound (Jónsson et al., 2003) .
In some regions there is strong evidence for viscoelastic relaxation having occurred primarily in the lower crust, rather than the upper mantle. Along the San Andreas Fault system, multi-year observations following the 2004 Parkfield, 1994 Northridge and 1989 Loma Prieta earthquakes indicate lower crustal VER. Again, there are also studies which only solve for afterslip. The study by Freed (2007) , on the other hand, investigated both processes, but concluded that only afterslip occurred during the first two years after the Parkfield earthquake. A later study of the same event by Bruhat et al. (2011) used six years of postseismic data and suggested that VER in the lower crust accompanied afterslip in the upper crust, although the authors acknowledge that observations of localised tremor in the lower crust (Shelly and Johnson, 2011) support the occurrence of deep afterslip. Lower crustal VER has also been inferred in studies of earthquakes in Italy, Taiwan and Tibet. In general, smaller earthquakes do not appear to excite flow in the upper mantle, but larger earthquakes at the same locations may be able to. One earthquake in Tibet where VER has not been inferred at any depth was the 2008 Nima-Gaize event (Ryder et al., 2010) . This was a small (M w 6.4) earthquake and the InSAR data used only covered the first nine postseismic months. Viscoelastic relaxation was not ruled out by these short time-scale data; rather, the lack of VER signature was used to place a lower bound on possible viscosities in the lower crust.
Because of the wide variety of approaches used in modelling viscoelastic relaxation, we do not include viscosity values in our compilation in Fig. 6 . A detailed comparison of modelling efforts is beyond the scope of this paper. Nevertheless, it is helpful to consider the range of viscosities inferred in postseismic studies, and identify some general patterns. For the viscoelastic layers (lower crust or upper mantle) where viscosity is well-constrained, the range of Maxwell viscosities across all studies is 1 × 10 17 -7 × 10 19 Pa s. Where other linear viscoelastic rheologies are used (standard linear solid, Burgers), the range is 1 × 10 17 -2 × 10 20 Pa s. It should be noted that for poorlyconstrained layers, several studies estimate a lower bound. For example, Gourmelen and Amelung (2005) can only constrain the viscosity of the lower crust in the CNSB to be N1 × 10 20 Pa s. The overall viscosity range for the well-constrained layers gives a range of relaxation times from one month up to 200 years. For the poorly-constrained layers, relaxation times may be longer than 200 years. Many short time scale (b10 year) studies have concluded that apparent viscosity increases with time following an earthquake. However, the modern studies of ongoing relaxation around earthquakes that occurred several decades ago do not consistently find higher viscosities than shorter postseismic studies of more recent earthquakes.
To summarise the results from the entire postseismic compilation: of the~20 individual earthquakes/sequences considered, 16 have VER inferred by at least one study. Of the four that do not, two (L'Aquila and Nima-Gaize) are small magnitude (M w 6.3 and 6.4 respectively) and only have a short period of observation (6 and 9 months respectively), and so would not be expected to have excited observable deep viscous flow. The other two are the Zemmouri and Mozambique earthquakes in Africa. These are larger magnitude (M w 6.9 and 7) events and have been observed for longer (at least 2.5 years). A broad-brush conclusion is that viscoelastic relaxation in the lower crust and/or upper mantle is to be expected after most large earthquakes (but may only be detected with very long periods of observations). This in turn implies that there is not much long-term strength beneath the elastic upper crust, at least in fault zones.
Discussion
6.1. Influence of the Moho depth and geothermal gradient on the earthquake cycle Our initial aim in this paper, in line with the theme of this special volume, was to test whether crustal thickness had any appreciable influence on the deformation observed during the earthquake cycle. The most robust parameter that we have been able to extract is the thickness of the seismogenic layer, which we find to be consistent between coseismic and interseismic investigations. We find, in line with previous seismic studies (e.g. Jackson et al., 2008; Maggi et al., 2000) , that there is no simple global relationship between seismogenic layer thickness and crustal thickness. In fact, seismogenic layer thickness is remarkably constant in the regions where we have sufficient data for robust analysis, whereas crustal thicknesses in the same regions vary by a factor of two or more.
Ultimately, the seismogenic layer thickness is limited by the depth at which creep processes allow tectonic stresses to be relieved aseismically and this, in turn, is a function of lithology, grain-size, water content, strain rate and temperature. In the oceanic lithosphere, where lithology is fairly constant, temperature is the dominant factor, with earthquakes only occurring in the mantle at temperatures below~600°C (e.g. McKenzie et al., 2005) . We test whether temperature exerts a dominant control globally on seismogenic layer thickness in continental lithosphere by using direct and indirect measures of crustal heat flow.
Firstly, we use a global compilation of direct heat flow measurements by Hasterok and Chapman (2008) , updated from Pollack et al. (1993) . The heat flow data set is noisy and highly uneven in its distribution, with high sample densities in regions such as Europe and North America and lower sampling in Asia. To provide a continuous grid against which to compare average heat flows with the earthquake depths, we first take median samples of the data at 0.5 degree spacing. We then interpolate (Smith and Wessel, 1990 ) to 1 degree spacing to cover regions in which no direct heat flow data are available. We do not recover an inverse relationship between the deepest extent of faulting and average heat flow (Fig. 7) .
Secondly, we use lithospheric thickness, derived from surface wave tomography (Priestley and McKenzie, 2006) , as a proxy for geothermal gradient; areas with thick lithosphere should have relatively low geothermal gradient and hence have a relatively thick seismogenic layer. We also see no clear relationship between lithospheric thicknesses and our estimates of seismogenic thickness (Fig. 7) .
On a local scale, there is a clear relationship between the geothermal gradient and the seismogenic layer thickness. This is clearly shown by microseismicity studies in regions such as California (e.g. Nazareth and Hauksson, 2004; Sibson, 1982) , and Iceland (e.g. Ágústsson and Flóvenz, 2005; Björnsson, 2008) . But there is no obvious global relationship between thermal structure and seismogenic layer thickness evident in our compilations. The effect of temperature, which is clear in oceanic lithosphere and in small regions, is masked in the continents by spatial variations in lithology, strain-rate, and grain size.
Seismogenic and elastic thicknesses -implications for the rheology of continental lithosphere
Starkly different estimates for elastic thickness (T e ) have been at the core of the debate about the rheology of continental lithosphere (e.g. Burov and Watts, 2006; Jackson et al., 2008) . Several different methods have been used to derive T e . One method, probably the most commonly applied, relies on the spectral coherence between the Bouguer gravity anomaly and topography (Forsyth, 1985) . Audet and Bürgmann (2011) recently used this method to produce a global map of elastic thickness, giving values that are typically much larger than the seismogenic thicknesses estimated in this paper and elsewhere (Fig. 5) . For example, in Iran, Audet and Bürgmann (2011) estimate T e at 35-65 km, but no earthquake occurs deeper than~20 km. McKenzie and Fairhead (1997) showed that estimates of T e obtained from Bouguer gravity anomalies are upper bounds, since short-wavelength topography has been removed or modified by surface processes. Instead, they advocate using either the admittance between topography and free-air gravity or direct flexural models of free-air gravity profiles. These typically yield much lower values for T e , which are always less than the seismogenic thickness ( Fig. 5 ; Jackson et al., 2008; McKenzie and Fairhead, 1997; Maggi et al., 2000; Sloan et al., 2011) . However, Pérez-Gussinyé et al. (2004) suggest that the McKenzie and Fairhead (1997) estimates of T e may, in turn, be biased towards lower values due to differences in windowing between theoretical and observed admittances.
No global grid exists for T e from free-air methods, so we compared the Audet and Bürgmann (2011) global grid with our geodetic estimates of seismogenic thickness, T s (Fig. 7) , and find that these estimates of T e are almost always significantly greater than T s . Furthermore, we find no correlation between T s and T e derived in this way. By contrast, regional estimates of T e derived from free-air gravity (Fig. 5) are consistently less than geodetic estimates of T s , as is the case for seismic estimates of T s . For the regions where there are sufficient geodetic data to estimate T s , we found it to be fairly constant. Likewise, there is little variation in free-air T e in these areas. Maggi et al. (2000) found that in regions where deeper earthquakes do occur in the lower crust (Africa, the Tien Shan and North India), T e estimated from free-air methods is higher, although it is always significantly lower than estimates derived from Bouguer coherence.
We do not wish to use this manuscript to question the validity of either method for estimating elastic thickness for the crust, as extensive literature on this already exists (e.g. Crosby, 2007; McKenzie and Fairhead, 1997; Pérez-Gussinyé et al., 2004) . Having said that, the widespread inferences of aseismic deformation in the lower crust and upper mantle, required to explain geodetic observations of postseismic motions, are hard to reconcile conceptually with these regions supporting significant topographic loads over geologic timescales: postseismic relaxation times are on the order of a few months to a few hundred years. Geodetic observations of the seismic cycle therefore appear to support the lower estimates of T e , and hence the concept that the strength of continental lithosphere is concentrated in the upper seismogenic layer (the "crème brûlée" model).
Of course, sampling continental rheology through observations of the earthquake loading cycle is an inherently biased process. Earthquakes are not uniformly distributed throughout the continental lithosphere, and preferentially sample areas with lower T e estimated with either Bouguer or Free-air gravity methods (e.g. Fig. 1 ), presumably because earthquakes are occurring in the weakest regions (e.g. Tesauro et al., 2012) . In addition, fault zones are capable of modifying their local rheology through processes such as shear heating and grain size reduction, which act to create local weak shear zones at depth (Bürgmann and Dresen, 2008) . Observations of postseismic relaxation could therefore be sampling weak regions within an otherwise strong crust or mantle (the "banana split" model of Bürgmann and Dresen (2008) ). This is consistent with studies of glacial isostatic adjustment, which often suggest thick elastic lids (e.g. Watts et al., 2013) . If only fault zones are weak, topographic loads could still be supported over geologic timescales by stronger regions away from them and higher estimates of T e could be valid. Such a view would be consistent with the idea that the continents behave as a series of independent crustal blocks (e.g. Meade, 2007; Thatcher, 2007) . Dense geodetic observations of deformation in regions including Greece, Tibet and the Basin and Range, however, suggest that such blocks are small, if they exist, with dimensions comparable to the thickness of the crust (e.g. Floyd et al., 2010; Hammond et al., 2011; Wang and Wright, 2012) .
Conclusions
We have compiled geodetic estimates of seismogenic layer thickness from the coseismic and interseismic phases of the earthquake loading (Table 4) and Crust 2.0 thickness (Bassin et al., 2000) . Symbols indicate whether the locking depth was fixed (triangles) or free to vary (circles) in the respective study. Inset figure shows the distribution of 187 geodetically derived locking depths separated by free (black) and fixed (grey).
cycle, and find no significant relationship with the depth of the Moho. For the regions where there are sufficient geodetic data to obtain robust results, the seismogenic layer thickness determined from both coseismic geodetic slip inversions and interseismic locking depth analyses is reasonably constant between regions, despite considerable variation in crustal thickness. We find rupture depths inferred from coseismic geodetic slip inversions to be consistent with depths from seismology bodywave inversions. In the regions where there are sufficient data, the interseismic "locking depth" estimates are also consistent with the seismogenic layer thickness found coseismically. This implies that interseismic geodetic observations are reliable indicators of earthquake potential.
The transition from frictional controlled faulting to aseismic creeping processes usually occurs in the mid crust and is thought to be dependent on lithology, strain-rate, grain-size, water content and temperature. We found no relationship between the seismogenic thickness and geothermal gradient (measured directly or inferred from lithospheric thickness models). This suggests that the effect of temperature, which is so clear in oceanic lithosphere, is masked in the continents by considerable variation in lithology, strain-rate and grain size.
Elastic thicknesses derived from the coherence between Bouguer gravity and topography is systematically larger than the seismogenic thickness estimated geodetically, but there is no obvious correlation between them. By contrast, as has previously been shown, elastic thicknesses from free-air gravity methods are typically smaller than seismogenic layer thicknesses; although there are no geodetic results in regions where Maggi et al. (2000) found high T e and high T s , the Tables 1-3 , grouped by four continental regions shown in Fig. 1 . Blue bars are from the locking depths of interseismic studies shown in Table 4 , for fixed (light-blue) and estimated depths (dark-blue). The mean (dashed line) Moho depths (Fig. 1b) and one standard deviation (light grey panel) within each region are from the Crust 2.0 model (Bassin et al., 2000) . The mean (dashed white line) elastic thicknesses (T e ) from Audet and Bürgmann (2011) and one standard deviation (dark grey panel) within each region are also shown. Elastic thicknesses from individual studies using free-air gravity are also shown from Fielding and McKenzie (2012) , Maggi et al. (2000) , and McKenzie and Fairhead (1997) . The inset red histograms show the distribution of heat flow within the region from the database updated by Hasterok and Chapman (2008) . The inset green histograms show the distribution of lithospheric thickness within the region from Priestley and McKenzie (2006) . Note the method used by Priestley and McKenzie (2006) cannot resolve lithospheric thicknesses less than 100 km. Fig. 6 . Global compilation of rheological interpretations of postseismic geodetic data. VER = viscoelastic relaxation. Each column represents a single case study, either for an individual earthquake or a group of earthquakes. Grey background denotes crust and green background denotes mantle. Where the crust is divided into upper and lower layers, upper crustal thickness is either assumed to be the maximum rupture depth/seismogenic thickness for the area, or is directly estimated from the geodetic data. The magnitude of each earthquake is given at the bottom of each column (white text), along with the geodetic observation period (black text). A white asterisk means that the study only investigated a single relaxation process (either afterslip or viscoelastic relaxation). Minor/possible VER implies that viscosities for a particular layer are poorly-constrained, and/or are within one order of magnitude greater than for the layer where dominant VER occurs. Seismogenic thickness is marked for reference (light blue dotted lines). The figure summarises the results of the following studies: Amoruso et al., 2005; Barbot et al., 2008; Barbot et al., 2009; Biggs et al., 2009; Bruhat et al., 2011; Cetin et al., 2012; Copley et al., 2012; D'Agostino et al., 2012; Dalla Via et al., 2005; Deng et al., 1998; Deng et al., 1999; Diao et al., 2011; Donnellan et al., 2002; Ergintav et al., 2009; Fialko, 2004; Freed, 2007; Freed and Burgmann, 2004; Freed et al., 2006; Gourmelen and Amelung, 2005; Hammond et al., 2009; Hearn et al., 2002; Hetland and Hager, 2003; Hsu et al., 2002; Johanson et al., 2006; Jónsson, 2008; Johnson et al., 2009; Mahsas et al., 2008; Massonnet et al., 1996; Nishimura and Thatcher, 2003; Peltzer et al., 1998; Perfettini and Avouac, 2007; Pollitz, 2003; Pollitz, 2005; Pollitz et al., 2000; Pollitz et al., 1998; Pollitz et al., 2012; Reilinger, 1986; Reilinger, 2006; Reilinger et al., 2000; Riva et al., 2007; Ryder et al., 2007; Ryder et al, 2010; Ryder et al., 2011; Savage and Svarc, 1997; Sheu and Shieh, 2004; Vergnolle et al., 2003; Wang et al., 2009b; Yu et al., 2003. consistency of seismogenic thicknesses from geodesy and seismology suggests that this relationship will hold. The rapid relaxation of the lower crust and/or upper mantle observed in many places is hard to reconcile with the higher estimates of T e -relaxation times are typically observed to be a few months to a few centuries. Our analysis of the geodetic data therefore supports the "crème brûlée" model, in which the strength of the continental lithosphere is supported in the upper seismogenic layer.
However, we note that geodetic observations of the earthquake cycle are inherently biased in their distribution. Furthermore, fault zones modify the rheology of the crust and mantle in which they sit through processes including grain-size reduction and shear heating. The weak material that responds in the postseismic period may therefore not be representative of the bulk rheology of the continental lithosphere: Postseismic results could be sampling weak regions within an otherwise strong crust or mantle (the "banana split" model of Bürgmann and Dresen (2008) ). Studies of glacial or lake loading/unloading may not suffer from this bias.
Our compilation suffers from the relatively short time that satellite geodetic methods have been available, a lack of truly global coverage Tables 1-3 , or geodetically-determined locking depths given in Table 4 , and elastic thickness (T e ) (Audet and Bürgmann, 2011) , lithospheric thickness (Priestley and McKenzie, 2006) and heat flow (Hasterok and Chapman, 2008) . The method used by (Priestley and McKenzie, 2006) cannot resolve lithospheric thicknesses less than 100 km. Coseismic events are scaled by magnitude (M w 5.5-7.8); interseismic locking depths are plotted as circles if they were determined by free inversion, or triangles if they were held fixed.
(in comparison to seismology), and from the variations in modelling strategies applied by different groups. Specifically, we lack sufficient geodetic observations from areas where Maggi et al. (2000) and others have inferred thicker seismogenic layers. In addition, postseismic deformation results are too scarce, and modelling strategies too variable, to form a robust global picture. With the start of the 20-year Sentinel-1 SAR satellite programme in 2013, systematic, dense geodetic observations will be made globally for the first time, dramatically increasing the availability and reliability of geodetic observations of the earthquake loading cycle. We strongly recommend that the geodetic community follows the lead of the seismological community by measuring, modelling and cataloguing coseismic, interseismic and postseismic deformation in a routine, systematic fashion.
